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The responses of atmospheric pCO2 and sediment calcite content to changes in the
export rain ratio of calcium carbonate to organic carbon are examined using a diffu-
sion-advection ocean biogeochemical model coupled to a one-dimensional sediment
geochemistry model. Our model shows that a 25% reduction in rain ratio decreases
atmospheric pCO2 by 59 ppm. This is caused by alkalinity redistribution by a weak-
ened carbonate pump and an alkalinity increase in the whole ocean via carbonate
compensation with decreasing calcite burial. The steady state responses of sedimen-
tary calcite content and calcite preservation efficiency are rather insensitive to the
deepening of the saturation horizon of 1.9 km. This insensitivity is a result of the
reduced deposition flux that decreases calcite burial, counteracting the saturation
horizon deepening that increases calcite burial. However, in the first 10,000 years the
effect of reduced calcite deposition on the burial change is more prominent; while
after 10,000 years, the effect of saturation horizon deepening is more dominant. The
lowering of sediment calcite content for the first 10,000 years is effectively decoupled
from the 1.9 km downward shift of the saturation horizon. Our results are in part a
consequence of the more dominant role that respiration CO2 plays in sediment calcite
dissolution over bottom water chemistry in our control run and support the decoupling
of calcite lysocline depth and saturation horizon shifts, as suggested originally by
Archer and Maier-Reimer (1994) and Archer et al. (2000).

plain as it involves the change in a number of potentially
relevant marine and terrestrial parameters governing the
carbon cycle. The general consensus is that the oceans
must have played a significant role in the carbon cycle,
when the sizes and response time scales of available car-
bon reservoirs are considered (Broecker, 1995). The re-
views by Archer et al. (2000) and Sigman and Boyle
(2000) show a number of possible roles that the oceans
could have played. This includes an increase in biologi-
cal pump, which enhances the ocean carbon uptake and
effectively transports carbon to the ocean interior.

The change in biological production can amplify the
response of carbon cycle through sedimentation processes,
so-called “carbonate compensation”, over the millennium
timescale (Broecker and Peng, 1987). The sedimentation
processes of calcium carbonate (CaCO3) act as a nega-
tive feedback on the oceans, which tries to maintain the
alkalinity balance between riverine inflow and sediment
burial outflow. If the phytoplankton community compo-

1.  Introduction
Vostok and EPICA ice cores from Antarctica show

that atmospheric pCO2 during the last glacial maximum
(LGM) and earlier peak glacial periods are lower than
peak interglacial periods by 80–100 ppm during the last
420 kyr and by 60 ppm in prior years (e.g., Petit et al.,
1999; Siegenthaler et al., 2005). The same ice cores and
other geological records show that this large pCO2 varia-
tion occurred in tandem with global climate change, as
evidenced by continental ice volume changes. Despite its
prominence in the Pleistocene global carbon cycle with
significant implications for the modern, the mechanism
of glacial-interglacial pCO2 variation is difficult to ex-
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s i t ion favors diatoms over calcite-bearing
coccolithophorids, in association with dissolved silica
redistribution (Matsumoto et al., 2002) or a change in
the dissolved silica supply (Harrison, 2000; Ridgwell et
al., 2002), the export and interior dissolution of carbon-
ate particles (carbonate pump) decrease, while sinking
and respiration of organic carbon (soft-tissue pump) are
broadly maintained. This change in the rain ratio of CaCO3
to organic carbon would leave more alkalinity at the sea
surface, thereby changing the dissociation of carbonic acid
in sea water and reducing the atmospheric pCO2 (Berger
and Keir, 1984). Moreover, the reduced calcite export
decreases the calcite burial, which causes an imbalance
in oceanic alkalinity between removal by CaCO3 burial
and addition by rivers (Archer and Maier-Reimer, 1994).
The imbalance temporarily increases carbonate ion con-
centration and stores sediment CaCO3 through carbonate
compensation until alkalinity removal once again comes
into balance with river input. Typically, the CO2 reduc-
tion via carbonate compensation is much greater than the
initial reduction accompanying rain ratio shifts (Sigman
et al., 1998; Matsumoto et al., 2002). For example, a 50%
reduction in the rain flux of CaCO3 is shown to cause an
initial 22 ppm change by redistribution of alkalinity (the
so-called closed system response) followed by 41 ppm
change by carbonate compensation (the so-called open
system response) (Sigman et al., 1998). The total change
of 63 ppm represents a significant fraction of the full
amplitude of atmospheric pCO2 between peak glacial and
interglacial periods. In order to reduce the atmospheric
pCO2 by 70 ppm, the rain ratio has to be half of the mod-
ern value, which deepens the calcite lysocline depth by
1.5 km (Sigman et al., 1998).

In spite of the agreement between rain ratio change
and the availability of dissolved silica in the glacial Ant-
arctic sediments (De La Rocha et al., 1998), the status of
the rain ratio hypothesis is uncertain at present, because
the hypothesis seems to require a significantly greater
deepening of the calcite lysocline depth than observation
would indicate. The calcite lysocline depth, which is de-
fined as the depth where the sediment calcite content starts
to decrease markedly, can be reconstructed by mapping
the vertical distribution of the relative abundance of
CaCO3 in the marine sediments. Farrell and Prell (1989)
showed that the calcite lysocline depth has moved up and
down by no more than about 700 m over the past 800,000
years. In addition, the sediment calcite content based on
core samples from the Atlantic did not change signifi-
cantly (Balsam, 1983). Later, Catubig et al. (1998) con-
cluded that the deep-sea burial flux did not differ consid-
erably between the Holocene and the LGM by reconstruct-
ing the global distribution of sedimentary CaCO3 content
for the two periods. Since the CaCO3 content in part re-
flects sea-surface biological productivity, which has a

close relationship with the pCO2 in the atmosphere, vi-
able explanations of glacial-interglacial pCO2 problem
must not violate these constraints of lysocline depth
change.

This possible violation of the lysocline constraint can
be circumvented, if the lysocline depth can be decoupled
from the calcite saturation horizon. Coupling is expected
on the basis of the rough correspondence between the two
in the modern ocean (Broecker and Peng, 1982). Because
the water column above the saturation horizon is super-
saturated with respect to calcite and undersaturated be-
low, there is a theoretical expectation that the lysocline
depth and saturation horizon should be linked. This as-
sumes that calcite dissolution within the sediments is
driven by bottom water undersaturation. However, there
is an interesting possibility that the two might be
decoupled if calcite dissolution is instead driven by
undersaturation within the sediments (Archer and Maier-
Reimer, 1994). Because organic matter respiration within
the sediments produces CO2, the pore water saturation
level is typically lower than the bottom water saturation
level. It is then possible to dissolve calcite within the
sediments, even though the overlying bottom water may
still be supersaturated. This would leave the lysocline
depth decoupled from and positioned above the satura-
tion horizon. If such decoupling had occurred, then it
becomes possible to limit the change in the lysocline depth
to within the observed 700 m (Farrell and Prell, 1989),
while the deepened saturation horizon sufficiently in-
creases the deep carbonate concentration and thus reduces
the atmospheric pCO2.

Sigman et al. (1998) have argued against this
decoupling. They used a parameterized calcite dissolu-
tion model coupled to an ocean box model of Keir (1988)
and performed a number of sensitivity simulations. In their
study, Sigman et al. (1998) showed that the decoupling
does not occur, even with respiratory CO2-derived cal-
cite dissolution within the sediments. It is not clear to us
that there is any settled consensus regarding the relation-
ship between saturation horizon and calcite lysocline
depth.

Here we revisit the saturation horizon, its impact on
atmospheric CO2, and the burial of CaCO3 within the
framework of the rain ratio hypothesis, using a numeri-
cal model of the ocean carbon cycle. Our model explic-
itly treats sedimentation processes of particulate organic
carbon (POC) and CaCO3 and thus is able to quantify the
carbon inventory change in association with the altered
calcite burial. Our results suggest that saturation horizon
can deepen significantly in response to a 25% reduction
in the export rain ratio, while CaCO3 burial is buffered
against large changes by two counteracting effects: re-
duced CaCO3 export and increased carbonate ion con-
centration.
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2.  Model Description
We use the High-Latitude Exchange/Interior Diffu-

sion Advection (HILDA) model (Siegenthaler and Joos,
1992) as our base physical model. It represents the ocean-
atmospheric biogeochemical cycles with five compart-
ments: two surface boxes in the low (LS) and high (HS)
latitudes, a high-latitude deep box (HD), an advective-
diffusion multiple-box water column compartment (IN),
and an atmospheric box (Fig. 1). In our configuration,
the surface boxes of LS and HS are 75 m depth, and the
IN compartment consists of 90 boxes in the vertical. The
IN boxes are 25 m thick from the base of LS at 75 m to
1100 m water depth and 100 m thick below 1100 m to
6000 m. The area of each IN box is adjusted to account
for ocean basin hypsometry of ETOPO 5 datasets (Data
Announcement 88-MGG-02, Digital relief of the Surface
of the Earth, NOAA, National Geophysical Data Center,
Boulder, Colorado, 1988). The flux of overturning circu-
lation w that drives the upwelling through all the IN boxes
is adjusted accordingly to conserve mass.

There is CO2 exchange between the atmospheric box
and ocean surface of LS and HS boxes governed by the
air-sea CO2 difference. Biogeochemical state variables
include phosphate concentration, alkalinity, dissolved
inorganic carbon (DIC), and dissolved oxygen concen-
tration. Surface phosphate concentrations are restored to
observed values with a timescale of eight days (0.42
µmol kg–1 in the LS box and 1.45 µmol kg–1 in the HS
box), thereby exporting the excessive phosphate from the
base of LS and HS boxes of 75 m to the underlying IN
and HD boxes. The setting is slightly deeper than the av-
erage mixed layer depth of 50 m, which may affect the
estimation of particle export from LS and HS boxes. This

phosphate export is accompanied by stoichiometrically
related export productions of organic carbon and calcite.
Organic carbon is generally inferred to be related to phos-
phate by the P:C Redfield ratio (Redfield et al., 1963).
We use the P:C ratio of 117 (Anderson and Sarmiento,
1994). The ratio of CaCO3 to POC in export production
(rain ratio) is 0.09, which is close to the estimates pro-
vided by the ocean general circulation models (Yamanaka
and Tajika, 1996; Sarmiento et al., 2002). Based on
Milliman (1993) and IPCC (2001), we chose riverine
fluxes of alkalinity of 22.4 Tmol yr–1 and DIC of 12.1
Tmol yr–1 to simulate modern conditions.

Following common practice in ocean carbon cycle
modeling, we use prescribed remineralization and disso-
lution profiles of POC and CaCO3 to determine their
downward fluxes in the IN box (Fig. 2). Our POC profile
is based on the observation reported by Martin et al.
(1987). On the other hand, our CaCO3 profile is based on
an analysis of the alkalinity budget using an ocean car-
bon cycle model (Yamanaka and Tajika, 1996). Accord-
ing to this profile, the dissolution of sinking CaCO3 par-
ticles is reduced with increasing depth but occurs through-
out the water column, even below 1 km water depth where
sediment trap data from selected locations do not show
significant dissolution (e.g., Honjo and Manganini, 1993).
Nevertheless, we adopt the Yamanaka and Tajika profile
for two reasons. First, it has been adopted in the standard
biology model of the Ocean Carbon-Cycle Model
Intercomparison Project Phase 2 (Najjar et al., 2007),
which is a community wide effort to understand ocean
carbon cycle models. Second, the Yamanaka and Tajika
profile is a globally averaged profile that gives the best
model simulation of the observed nutrient and particle
distributions.

Our study deals explicitly with sedimentation proc-
esses in the IN boxes. A one-dimensional sediment
biogeochemical model (Chikamoto and Yamanaka, 2005)

Fig. 1.  Diagram of the HILDA model coupled with the sedi-
ment model. The water is transported by diffusion in the IN
box, an advection flux w based on the thermohaline circu-
lation, an upwelling flux u between the HS and HD boxes,
and an exchange flux q between the HD and IN boxes.

Fig. 2.  Vertical profiles of sinking particle of calcite (solid
line) and organic carbon (dotted line).
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that is similar to the earlier sediment models (Sigman et
al., 1998; Heinze et al., 1999; Ridgwell and Hargreaves,
2007) is coupled to each IN box of the ocean model. The
sediment model includes organic carbon, calcite, and clay
as solids, and dissolved oxygen, alkalinity, and dissolved
inorganic carbon as dissolved phases in the pore water.
Our sediment layer is 50 cm, below which sediment is
buried and the memory of its composition is lost. This is
much longer than the typical 10 cm sediment layer used
in previous studies (Sigman et al., 1998; Heinze et al.,
1999; Archer et al., 2000). The reason for having a 50 cm
layer is to allow for an extended memory when excess
dissolution over accumulation (net negative burial) will
mine sediments that have actually been accumulated. This
prevents the influence of the boundary condition at the
sediment bottom on the sediment components. The 50 cm
sediment layer is made possible by implementing a Cu-
bic-Interpolated Propagation (CIP) numerical scheme
(Yabe and Aoki, 1991; Yabe et al., 2001). This scheme is
used to solve the advective transport of solids and ena-
bles us to represent the vertical sediment structure ex-
plicitly, such as sediment laminations, for long-time in-
tegration (Chikamoto and Yamanaka, 2005). Without it,
the ordinary formulation of the forward scheme produces
excessive numerical diffusion and hence artificially
smoothed vertical profiles (see Chikamoto and Yamanaka,
2005, for further details). Porosity within the 50 cm layer
is prescribed to decrease exponentially from 0.90 at the
sediment-water interface to 0.66 at the bottom (Berner,
1980).

2.1  Equation for dissolved matter in the pore water
The solute concentration (Ci) within the pore water

is determined by vertical diffusion of the solute from the
overlying bottom water and by sources/sinks within the
sediments due to chemical reaction:
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where φ is porosity, fi is the molecular diffusion coeffi-
cient of the solute, θ is the coefficient of tortuosity
(Ullman and Aller, 1982), γi is the conversion coefficient
(mol l–1) from the solid dry volume (cm3) to the solute
concentration in the pore water (mol l–1), Mi is the mo-
lecular weight (g mol–1), ρi is the density (g cm–3), and Ri
is the remineralization or dissolution term of the solid in
common with the equation of the solid in the sediments.
The subscript i terms refer to variables of dissolved
phases. The diffusion coefficients for dissolved oxygen

and dissolved inorganic carbon are assumed to be 12.1 ×
10–6 cm2 sec–1 and 6.4 × 10–6 cm2 sec–1 as represented by
bicarbonate ion (Archer, 1991). In the remineralization/
dissolution term, the dissolved inorganic carbon is in-
creased by dissolved carbon release through calcite dis-
solution and remineralization reactions. The alkalinity is
increased by carbonate ion increase through calcite dis-
solution and ammonia increase, and sulfate decrease
through sulfate reduction. The tortuosity is approximated
by φ–1 (Berner, 1980). Compared to the molecular diffu-
sion, solute transport caused by both bioturbation and
solid advection can be neglected (Schink et al., 1975).

The boundary condition of a solute across the sedi-
ment-water interface is given as a vertical solute flux due
to molecular diffusion. The condition across the sediment
bottom layer is defined as

∂
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2.2  Sediment equations
Model processes that control sedimentation of sol-

ids (organic carbon, calcite, and clay) include bioturbation
by benthic organisms, dissolution, and vertical advection
by net accumulation (accumulation across the upper layer
minus dissolution). The following equation for solid frac-
tion (Si) defines a solid volume per dry total sediment
volume at the depth (z):
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where DB(z) is the depth-dependent bioturbation coeffi-
cient for the solid, Ri is the remineralization term for or-
ganic carbon or the dissolution term for calcite, and w is
the vertical advection rate for solids across each layers.
The subscript i terms indicate organic carbon, calcite, or
clay. Ri is assumed to be zero for clay. The downward
advection (w > 0) indicates excess accumulation over dis-
solution. The upward advection (w < 0) indicates less
accumulation than dissolution. The vertical profile of the
bioturbation coefficient, which gradually decreases from
0.3 cm2 yr–1 at the surface (Berner, 1980) with depth, is
based on observations (Smith and Jaffé, 1998).

Organic carbon is respired within the sediments un-
der both oxic and anoxic conditions with constant coeffi-
cients of 2 × 10–9 sec–1 (Archer, 1991) and 7.9 × 10–11

sec–1 (Berner, 1980), respectively. Organic carbon respi-
ration under anoxic conditions is assumed to be driven
by sulfate reduction.
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We assume here that sulfate reduction continues un-
til organic carbon is either completely depleted within
the 50 cm sediment layer or buried below it.

The dissolution of calcite (Rcal) is driven by the de-
gree of undersaturation of carbonate ion in the pore wa-
ter:
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where rc is the dissolution rate, n is dissolution kinetics,
[CO3

2–] is the carbonate ion concentration, and [CO3
2–]sat

is the carbonate saturation concentration. rc and n are 1
day–1 (Archer, 1991) and 4.5 (Keir, 1980), respectively.

2.3  Boundary conditions
The surface ocean boundary forcing includes riverine

influxes of alkalinity, DIC, and dissolved phosphate into
the LS and HS boxes. The oceanic inventories of alkalin-
ity (Calk), DIC (Cdic), and dissolved inorganic phosphate
(Cdip) are determined by the following equations,
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where Ralk, Rdic, and Rdip are riverine influxes of alkalin-
ity, DIC, and dissolved inorganic phosphate, Bcal and Bpoc
are burial fluxes of calcite and organic carbon, γca is the
fraction of alkalinity change for calcium carbonate burial,
γpc and γpn are the P:C and P:N elemental stoichiometry
of organic matter. γca is 2, and γpc and γpn are 117 and 16
(Anderson and Sarmiento, 1994). Here the oceanic in-
ventories of alkalinity and DIC are allowed to vary, as
the sediment removal is governed explicitly by sedimen-
tary processes. In contrast, for simplicity, the inorganic
phosphate inventory of the whole ocean is invariant due
to instantaneously adjusting the riverine influx with the
removal due to sediment burial (Eq. (6)). This means that
the change in organic carbon burial affects only the inor-
ganic carbon budget, but not the sea-surface production
that derives from dissolved inorganic phosphate.

Particulate organic carbon and calcite reaching the
sea floor are deposited onto the top layer of the sediment
model. The depositions on the basin below 1550 m are
formulated as the upper boundary conditions for the sedi-

Fig. 3.  Vertical profiles of (a) phosphate concentration, (b) oxygen concentration, (c) temperature, (d) ∆14C, (e) alkalinity, and
(f) dissolved inorganic carbon in the control run. Solid lines indicate the model result in the IN box. Open circle, cross, and
asterisk marks indicate the results in the LS, HS, and HD boxes, respectively.
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ment model. Above 1550 m, particles are remineralized
completely to prevent excess organic carbon from accu-
mulating in the shallow-water depths. Such an excess
deposition would otherwise occur for two reasons. First,
the detritus deposition flux is constant with depth in the
model, whereas in reality there should be higher fluxes
from terrigenous sources closer to the continent in shal-
low waters, which would dilute the organic carbon con-
tent. Second, the exponentially decaying remineralization
profile of organic carbon that is used in the model is ap-
plicable to the global ocean and may not be applicable to
the margins. The previous study (Sigman et al., 1998)
has also neglected sedimentation in the upper 1500 m.

3.  Results

3.1  Control run
Concentrations of dissolved phosphate and oxygen

in the IN box increase with water depth (Figs. 3(a) and
(b)) and have reasonable vertical profiles. The distribu-
tions of temperature and pre-bomb ∆14C (Figs. 3(c) and
(d)) are consistent with the results of HILDA without sedi-
mentation processes (Siegenthaler and Joos, 1992). Ver-
tical profiles of alkalinity and DIC (Figs. 3(e) and (f))
also have the shapes with surface-to-deep gradients that
match the global averaged observations. The calcite satu-
ration horizon of 3540 m corresponds to the observed
global mean (McElroy, 1983). Table 1 summarizes the
export production, deposition, and burial fluxes predicted
by our control run and other biogeochemical models
(Gehlen et al., 2006; Ridgwell and Hargreaves, 2007).

The export fluxes of POC from the LS and HS box are
10.5 and 1.0 GtC yr–1, respectively. The total flux of two
boxes is consistent with the estimate of global export pro-
duction (5–20 GtC yr–1, referred to Jahnke, 1996;
Falkowski et al., 1998; Laws et al., 2000; Louanchi and
Najjar, 2000). The export flux of calcite is 1.04 GtC yr–1,
which is in line with the estimates of Feely et al. (2004)
and Jin et al. (2006). There is some uncertainty in the
estimates of depositional POC flux on the sediment sur-
face (Table 1). However, the calcite deposition flux pre-
dicted by our model is relatively consistent with the esti-
mates by Gehlen et al. (2006) and Milliman and Droxler
(1996).

The vertical profile of calcite content in the sediments
shows a gradual decrease with water depth below 2850
m (Fig. 4). When compared to observed distribution of
surface sedimentary carbonate content (Archer, 1996), the
results from our control run resemble the Atlantic sedi-
ment, which has a higher sediment carbonate content than
the Pacific. For example, even at 5000 m water depth,
the sediment calcite content in our model is about 50%.
The sediment calcite content drops rapidly to 0% near
6000 m. The maximum sediment calcite content is lim-
ited to about 80%, which is a consequence of clay depo-
sition, prescribed to be constant in the vertical. At depths
shallower than 2850 m, a small fraction of the sinking
POC is buried in the sediments. Since the remaining POC
dilutes the CaCO3 content, the CaCO3 content is increased
with depth in the upper 2850 m. By contrast, almost all
of depositional POC is remineralized in the sediments
below 2850 m. At these depths the calcite content de-

Table 1.  Global export, deposition, and burial fluxes (GtC yr–1).

(1)Control run.
(2)Sarmiento and Gruber (2006).
(3)Falkowski et al. (1998).
(4)Feely et al. (2004).
(5)Jin et al. (2006).
(6)Seiter et al. (2005).
(7)Milliman and Droxler (1996).

This study(1) Ridgwell and Hargreaves (2007) Gehlen et al.  (2006) Estimates

Export at 75 m at 175 m at 100 m
POC 11.5 8.9 8.0 10(2),  15(3)

CaCO3 1.035 1.26 0.2 0.8–1.4(4),  1.14(5)

Deposition below 1550 m below 175 m below 1000 m
POC 0.25 0.87 0.4 0.5(6)

CaCO3 0.25 0.64 0.2 0.29(7)

Burial below 1550 m below 175 m below 1000 m
POC 0.010 — 0.170 0.002–0.12(6)

CaCO3 0.135 0.121 0.04 0.1–0.14(4)
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Fig. 4.  Vertical profile of sediment calcite content (%) at 15
cm depth in the sediment layer in the control run. Black
dots show the observed CaCO3 content in the Atlantic based
on Archer (1996) and horizontal thin line indicates the satu-
ration horizon in the control run.

Fig. 5.  Time series of (a) burial flux of calcite (GtC yr–1),
(b) average alkalinity (µmol kg–1) in the IN box, (c) aver-
age DIC (µmol kg–1) in the IN box, (d) average carbonate
ion concentration (µmol kg–1) in the IN box, (e) saturation
horizon (m), and (f) atmospheric pCO2 (ppm) in the –25%
and +25% rain ratio experiments. Solid (dotted) lines cor-
respond to the results in the case of 25% decrease (increase)
in the rain ratio. Thin solid line in (a) indicates riverine
flux of alkalinity. Shaded regions represent the period of
the initial condition before the onset of the forcings.

creases with depth, which is affected not only by the POC
remineralization, but also by the bottom water
undersaturation with respect to CaCO3. In our model, the
depositional POC and CaCO3 are assumed to be com-
pletely dissolved at depths shallower than 1550 m, which
affects the vertical profile of POC content in the sediments
below 1550 m. This therefore contributes to the vertical
discontinuities of the CaCO3 content and dissolution
across 2850 m depth. The total burial fluxes of calcite
and POC in the IN boxes are 0.135 GtC yr–1 and 0.01
GtC yr–1, respectively (Table 1). The burial flux of POC
is consistent with the global mean burial fluxes of 0.002–
0.12 GtC yr–1 (Seiter et al., 2005). Moreover, the burial
flux of CaCO3 is similar to the flux parameterized by the
global ocean biogeochemical model (Ridgwell and
Hargreaves, 2007). The burial is not considered in the
HS box. The influence of the altered burial flux in the HS
box on the global carbon cycle would be small, because
the export production in the HS box is one order of mag-
nitude smaller than that in the IN box.

3.2  Responses to rain ratio changes
We show the responses of our model to –25% and

+25% changes in the rain ratio from the control run (Fig.
5). When the rain ratio decreases by –25%, the export
production of calcite from surface to deep ocean is re-
duced. This change decreases the calcite burial flux
through alkalinity redistribution (solid line, Fig. 5(a)). The
reduced calcite from the ocean increases alkalinity and
DIC as well as carbonate ion concentration in the deep
ocean (Figs. 5(b)–(d)). The increase in carbonate ion con-
centration deepens the saturation horizon by 1870 m (Fig.
5(e)), and reaches a new steady state when burial and
riverine fluxes are once again balanced. As a result, the
experiment of –25% rain ratio changes atmospheric pCO2

by –59 ppm (Fig. 5(f)). A 25% increase in rain ratio, on
the other hand, enhances the calcite burial and decreases
carbonate ion concentration (dotted lines, Fig. 5). This
shoals the saturation horizon by 2420 m. The atmospheric
pCO2 increases by 98 ppm, which is the opposite response
with the –25% rain ratio experiment.

Despite the prominent shift of saturation horizon, the
change in sediment calcite content over the deepened satu-
ration horizon is +18% (Fig. 6). A 25% decrease in the
rain ratio prescribes a 25% decrease in the deposition flux
of calcite reaching the sea floor at each level in the IN
box (Fig. 6(a)), because the organic carbon export remains
unchanged. In both the control and –25% rain ratio ex-
periments, the POC remineralization does not change
substantially (Fig. 6(b)) and the remineralization flux in-
creases with depth in the upper about 2850 m due to the
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vertical gradient of the dissolved oxygen concentration
in the water column (Fig. 3(b)). This contributes to the
vertical change in calcite dissolution flux (Fig. 6(c)), be-
cause calcite dissolution in the sediments underlying the
supersaturated bottom water is driven by POC
remineralization. On the other hand, the dissolution flux
below 2850 m is affected both by the POC
remineralization and by the lowering saturated bottom
water with respect to calcite. In the –25% rain ratio ex-
periment, the decreased deposition may appear to cause
a –25% in the calcite dissolution and then the burial.
However, the model results show that the total dissolu-
tion flux of calcite is actually reduced by 45% (Fig. 6(c)).
There are two effects that cause this. First, there is the
reduction in calcite deposition flux of 25%. Second, the
expansion of the area of calcite burial driven by a deep-
ened saturation horizon increases the water column car-
bonate ion concentration, which reduces dissolution. The
second effect accounts for the remaining 20% (i.e., 45–
25%) of dissolution flux reduction.

The same two effects have opposing influences on
the calcite burial flux (Fig. 6(d)), which does not change
significantly, especially near the depth of saturation ho-
rizon. Whereas reduced calcite deposition will reduce
calcite burial, a deepened saturation horizon will increase
calcite burial. The two effects are roughly balanced at
about 4000 m compared to the control (thick solid and
dashed lines intersect in Fig. 6(d)). Due to these counter-
acting effects, the changes in burial flux and sediment
calcite content are relatively small (Fig. 6(e)).

3.3 Influence of the shift of saturation horizon on cal-
cite sedimentation
Given that our goal is to evaluate how the CaCO3

sedimentation behaves relative to the saturation horizon,

it is necessary to investigate sedimentary properties re-
flecting CaCO3 sedimentation in our model. Although the
calcite lysocline depth is generally used as an index of
calcite burial, its definition is difficult to assess in the
real ocean, and previous modeling studies have not pro-
vided a consistent guideline. The lysocline depth was
originally defined with reference to a marked change in
the state of calcite dissolution within the sediments
(Berger, 1975). The extent to which a given sediment has
undergone dissolution is difficult to determine in prac-
tice. Therefore, lysocline is generally defined by a large
change in the sedimentary calcite content (e.g., Peterson
and Prell, 1985; Archer, 1991). Our control run does not
indicate an obvious depth of the lysocline. Moreover, the
sediment calcite content is not always consistent with the
state of calcite dissolution in the real ocean (Lohmann,
1995; Broecker and Clark, 2001b). This implies that the
lysocline depth defined by the gradient of sediment cal-
cite content may be unable to accurately capture the
changing sediment condition.

For this reason, rather than the lysocline depth, we
focus on the calcite preservation efficiency, defined as
the calcite burial flux divided by the deposition flux. In
the –25% rain ratio experiment the calcite preservation
efficiency is enhanced at each level (Fig. 7(a)). The
anomaly of preservation efficiency is constant at depths
shallower than 2850 m (Fig. 7(b)), where the sinking POC
is partially buried. Since the POC remineralization is
unchanged between two experiments (Fig. 6(b)), the cal-
cite dissolution changes only by the constant depositional
change in the vertical, not by the remineralization change.
Therefore, the anomaly of efficiency does not exhibit the
depth dependent variability in sediments where POC par-
ticles remain. Below 2850 m, on the other hand, the pres-
ervation efficiency anomaly increases linearly with depth,

Fig. 6.  Comparison of the control with –25% rain ratio experiments. Vertical profiles of (a) prescribed deposition flux of calcite
on the sediment surface, (b) total remineralization flux of POC in the whole sediment layer, (c) total dissolution flux of calcite
in the whole sediment layer, (d) burial flux of calcite at the sediment bottom, and (e) sediment calcite content at the 15 cm
depth in the sediment layer. Thick solid and long-dashed lines indicate the results of the control run and the case of –25% rain
ratio, respectively. Horizontal thin solid and long-dashed lines are respectively the saturation horizon in the control run and
the case of –25% rain ratio.
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which is influenced by the depositional change and the
deepening of the saturation horizon. This means that the
preservation efficiency is relatively insensitive to the tran-
sitions between the carbonate saturation and
undersaturation of sea water. The enhancement of sedi-
ment calcite preservation is hardly recorded in calcite
content and calcite burial flux, as described below. This
has the potential to account for the lower sensitivity of
calcite lysocline depth during the glacial-interglacial cy-
cles (e.g., Balsam, 1983; Farrell and Prell, 1989), despite
a possible large shift in saturation horizon (Sanyal et al.,
1995).

There is an additional issue related to the decoupling
mechanism between sediment calcite content and satura-
tion horizon. We focus on the multi-timescale of sedi-
ment calcite content response. Figure 8 shows the frac-
tion of calcite deposition to the total deposition in the
control run and the temporal evolution of the sediment
calcite content forced by a –25% rain ratio. The isopleths
of calcite content show a different response during the
first 10,000 years as compared to later years. During the
first 10,000 years, the isopleths indicated by solid lines
in Fig. 8(b) move up below 2850 m and move down above
2850 m. Since the large fraction of depositional calcite in
the control run is shown at 2350 m (Fig. 8(a)) and the
maximum sediment calcite content is found at 2850 m
(Fig. 4), this means that sediment calcite content is re-
duced at all depths during this period. Although the simi-
lar response of CaCO3 dissolution at the mid-ocean is
observed in the South Atlantic (Volbers and Henrich,
2002), the organic carbon respiration may be overly strong
in the upper 2850 m in our model. After 10,000 years, the
isopleths move in the opposite directions, indicating that
sediment calcite content is increasing at all depths.

An important point is that the sediment cores cap-
ture the decoupling between the saturation horizon and
sediment calcite content during the first 10,000 years. The
reduction in the carbonate content in the first 10,000 years
is driven mainly by decrease in deposition flux as the rain
ratio change is –25%. After the first 10,000 years the rela-
tive increase in sediment calcite content is driven by the
deepening of the saturation horizon (dashed line, Fig.
8(b)). The precedence of sediment calcite content lower-
ing by the deposition effect may lead to the decoupling
between the saturation horizon and calcite lysocline depth
during the glacial periods.

4.  Discussion
We have used the global mean depth of calcite satu-

ration horizon to study ocean carbon cycle. Our model
configuration cannot represent the different saturation
horizons between the Atlantic and Pacific Oceans. More-
over, compared with three-dimensional ocean circulation
model, our model does not treat the water transport from
Atlantic to Pacific, which promotes the delayed redistri-
bution of ocean carbon chemistry and the shoaling of the
saturation horizon in the Pacific. Therefore, our study
should be considered as a sensitivity study of a global-
mean ocean carbon cycle, which is rather suitable for the
investigating the response of ocean carbon budget in the
whole ocean to perturbations.

Sediment calcite dissolution is affected primarily by
two factors: organic carbon respiration within the
sediments and bottom water undersaturation with respect
to calcite. The dissolution driven by the undersaturation
in the overlying water (hereafter termed seawater CO2-
driven calcite dissolution) depends strongly on the satu-
ration horizon, while the dissolution driven by organic

Fig. 8.  (a) Fraction of calcite deposition to total depositions in
the control run and (b) time series of sediment calcite con-
tent at 15 cm depth in the sediment layer in a –25% rain
ratio experiment. In (b), solid (dashed) lines correspond to
calcite content (saturation horizon) and the shaded region
represents carbonate undersaturation area with respect to
mineral calcite.

Fig. 7.  (a) Calcite preservation efficiency in the sediments in
control (thick solid) and –25% rain ratio experiments (thick
short-dashed). (b) Anomaly of calcite preservation effi-
ciency in –25% rain ratio experiment from the control ex-
periment. Thin solid and short-dashed lines indicate the
saturation horizon depth in control and –25% rain ratio ex-
periments.
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carbon respiration in the sediments (hereafter termed res-
piratory CO2-driven calcite dissolution) can be independ-
ent of the saturation horizon. Which dissolution process
is more important within the sediments is a matter of de-
bate (e.g., Emerson and Bender, 1981; Martin and Sayles,
1996; Honda et al., 2002; Jahnke and Jahnke, 2004).
However, it is clear that dissolution within the sediments
is a key in decoupling the lysocline depth from the satu-
ration horizon (Archer and Maier-Reimer, 1994; Archer
et al., 2000).

We attempted to estimate the contributions of the two
types of calcite dissolution to the total calcite dissolution
by running our control run without respiration CO2. This
experiment accounted only for seawater CO2-driven cal-
cite dissolution and results in a reduction of the total dis-
solution to 27% of the control. The simple difference of
73% may not accurately give the contribution of respira-
tory CO2-driven calcite dissolution, because the CO2 sys-
tem and calcite dissolution are nonlinear. However, it is
clear that in our model, respiratory CO2-driven calcite
dissolution is more dominant. This is the main reason that
the change in sediment calcite content is not as large as
saturation horizon changes in our model (Fig. 6(e)).

Our –25% rain ratio experiment showed that the cal-
cite burial has a low sensitivity to the rain ratio change,
because the burial increase due to the deepened satura-
tion horizon is partially counteracted by the burial de-
crease due to the reduced deposition flux. The burial flux
would be strongly affected by the deepening of satura-
tion horizon, if seawater CO2-driven calcite dissolution
were more dominant in our model. This appears to be the
case in a previous study by Sigman et al. (1998): changes
in the saturation horizon brought about large changes in
the burial flux in their reduced rain ratio experiment.
While it is difficult to determine exactly what the cause
of the difference is between their study and ours, we
speculate on two potentially important differences here.
First, unlike our model, the sediment model in Sigman et
al. (1998) parameterized calcite dissolution. Second, their
deposition flux of organic carbon would be low because
of the initial high rain ratio and low organic carbon pro-
duction in their model. In their model, the whole ocean
rain ratio and the export production in low-latitude box
are 0.31 and 3 GtC yr–1, respectively. In our model these
values are 0.09 and 10.5 GtC yr–1, which are more con-
sistent with recent independent estimates (Yamanaka and
Tajika, 1996; Jahnke, 1996; Falkowski et al., 1998; Laws
et al., 2000; Sarmiento et al., 2002). Assuming that water
column remineralization of sinking CaCO3 and organic
carbon are similar in both models, the deposition flux of
organic carbon in the model of Sigman et al. (1998) has
to be significantly smaller than in our model. This would
limit the importance of respiratory CO2-driven calcite
dissolution in their model compared to ours. Moreover,

the deposition of organic carbon does not appear to be
treated explicitly in their model, because they dissolve
all POC in the ocean (84% in the intermediate-depth box
and 16% in the deep box). Our model has explicit organic
carbon chemistry in the sediments and organic carbon is
allowed to be buried.

The calcite preservation efficiency responded rela-
tively more to changes in oceanic carbon cycle than the
sediment calcite content (Figs. 6(e) and 7(a)), which sug-
gests that a paleoceanographic proxy of calcite dissolu-
tion rate is better than sediment calcite content as an in-
dex of carbonate compensation. The degree of calcite dis-
solution within the sediments is, for instance, reflected
in changes in shapes or weights of foraminiferal shells
(Broecker and Clark, 2001a). Their shapes and weights
could change significantly, if the carbonate compensa-
tion during the glacial-interglacial transition temporarily
extends the undersaturated water with respect to calcite.
Being rather insensitive, the sedimentary calcite content
would be a poor choice of index to identify the carbonate
compensation.

We note that there is some uncertainty in
parameterizing the vertical transport of calcite from the
euphotic zone to the deep ocean. The measurement of
sediment trap data suggests that a small part of calcite
export is caught by the trapping under the carbonate com-
pensation depth in the North Pacific, which implies that
the calcite dissolves in the sediments rather than in the
water column (Honda et al., 2002). On the other hand,
Milliman et al. (1999) show that 50% of export calcite
dissolves in the upper 1000 m and there is very little wa-
ter column dissolution below 1000 m, suggesting that the
calcite dissolution below 1000 m occurs primarily in the
sediment column. This notion is not supported by recent
model studies because of an exponential calcite dissolu-
tion profile within the water column (Jansen and Wolf-
Gladrow, 2001; Jansen et al., 2002). Calcite dissolution
in our model is consistent with this notion, as is the stand-
ard BIOTIC protocol of the Ocean Carbon-cycle Model
Intercomparison Project Phases 2 (Najjar et al., 2007). In
fact, when we use the vertical profile of calcite dissolu-
tion suggested by Milliman et al. (1999), there is exces-
sive calcite burial at the mid-water depth.

Our model uses a prescribed calcite profile in the
water column, which assumes that the sinking calcite
particle immediately decreases after production at all
depths forced by the lowered export rain ratio. This may
affect the prominent upper shift of saturation horizon
through alkalinity redistribution before the downward
shift through carbonate compensation. It should never-
theless be noted that the saturation horizon and ocean
carbonate chemistry fluctuate at two different timescales,
because the response time of carbonate compensation to
perturbations is over 10,000 years (Fig. 5(a)), which is
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significantly longer than that of alkalinity redistribution
associated with the water-column calcite dissolution
(Sigman et al., 1998).

Finally, in our study the result from our experiment
of 25% reduction in export rain ratio does not violate
available geologic records, but it is not enough to explain
the atmospheric pCO2 level at the LGM. This suggests
that there are indeed multiple causes of the glacial-inter-
glacial pCO2 fluctuation (Archer, D., CO2 stew: A sce-
nario for glacial/interglacial pCO2 cycles that doesn’t of-
fend the data,  in International Conference on
Paleoceanography, Biarritz, 2004), and the mechanism
explored in this study may be just one of many causes.

5.  Conclusions
Using a diffusion-advection ocean biogeochemistry

model coupled to a sediment model, we investigated the
responses of the calcite sedimentation and saturation ho-
rizon to changes in export particle rain ratio. According
to our experiment, a 25% decrease in rain ratio lowers
atmospheric pCO2 by 59 ppm through alkalinity redis-
tribution and carbonate compensation. In the steady state,
the sediment calcite content and burial flux do not vary
significantly, despite a deepening of saturation horizon
of 1.9 km. This is because the reduction in calcite burial
due to deposition change counteracts the increase in burial
due to saturation horizon deepening. However, there is
some time lag when these counteracting effects are im-
portant. In the first 10,000 years decreased deposition
dominates, which causes a decoupling between the sedi-
mentary calcite content and the saturation horizon. Since
calcite preservation efficiency is enhanced at all depths
when the rain ratio is reduced, there is no significant
change in the efficiency near the saturation horizon. In
our model, calcite dissolution has a large contribution
from respiration CO2. While the relative importance of
respiratory CO2-driven calcite dissolution and seawater
CO2-driven calcite dissolution is not entirely clear from
observations, this study supports the notion that respira-
tory CO2 can cause the decoupling between the satura-
tion horizon and calcite lysocline depth, as suggested
originally by Archer et al. (2000) and Archer and Maier-
Reimer (1994). Recently, Orr et al. (2005) have argued
that CaCO3 shell formation is significantly affected by
the seawater acidification that accompanies CO2-driven
global warming. As global warming continues into the
future, it may substantially reduce calcification (Ridgwell
et al., 2007) and therefore reduce the CaCO3/organic car-
bon export rain ratio, with significant feedback on the
climate system.
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