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Abstract 

The water-vapor and air-temperature profiles from the Atmospheric Infrared 

Sounder (AIRS) on satellite Aqua, in combination with surface wind from Quick 

Scatterometer (QuikSCAT), rainfall and sea surface temperature (SST) from Tropical 

Rainfall Measurement Mission (TRMM) Microwave Imager (TMI), are used to 

document surface conditions and vertical moist thermodynamic structures of the 2003-

2006 Boreal Summer Intraseasonal Oscillation (BSISO) over the Indo-Pacific warm pool. 

The composite based on Wheeler and Hendon’s intraseasonal oscillation index reveals 

that Convective Available Potential Energy (CAPE), SST, and surface convergence lead 

convection in both northward and eastward directions. The preconditioning of CAPE is 

much earlier than the preconditioning of SST, implying that the atmosphere alone might 

be able to generate an intrinsic mode of intraseasonal oscillation. On the other hand, the 

ocean positively feeds back to the atmosphere from bottom up, forming a smooth 

transition from boundary layer moistening, shallow convection at lower or middle level, 

to the deep convection all through the troposphere. The preconditioning of the boundary 

layer moist (dry) anomalies to the subsequent positive (negative) rainfall maximum is as 

far as 60-90 degrees in longitude (15 degrees in latitude) and quarter-to-half cycle in time. 

In contrast, this boundary-layer preconditioning is virtually undetected from conventional 

NCEP reanalysis. 

 Finally, the implications of these new findings on the frictional “convective 

interaction with dynamics” (CID) theory of intraseasonal oscillation are also discussed. 
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1. Introduction  

The intraseasonal oscillation (ISO) is the strongest regular signal on the 

subseasonal timescale (Madden and Julian 1971, 1972; Gualdi et al. 1997). It interacts 

with adjacent short (weather) and long (climate) timescales and constitutes a pivotal 

component of the tropical atmospheric variability. In boreal winter, ISO is characterized 

by the eastward propagating Madden-Julian oscillation (Madden and Julian 1971, 1972) 

mode. In boreal summer, northward propagating boreal summer intraseasonal oscillation 

(BSISO) becomes a dominant mode in the Asian-western Pacific summer monsoon 

system.  

The recurrent nature of ISO offers an opportunity to forecast rainfall up to one 

month in advance (Waliser et al. 2003; Fu et al. 2007). However, the performance of 

current ISO dynamical prediction is still well below expectation, primarily due to the 

poor understanding and inadequate representation of 3-D moist convection (Wang and 

Schlesinger 1999; Fu et al. 2006) and atmosphere-ocean interaction (Flatau et al. 1997; 

Waliser et al., 1999; Fu et al. 2003).  

Advancement of ISO studies relies heavily on the improved observations (Wang 

et al., 2005). The observed structure of the ISO has been the topic of numerous studies 

over the past three decades (e.g., Madden and Julian 1971, 1972; Weickmann 1983; Rui 

and Wang 1990; Hendon and Liebmann 1990; Hendon and Salby 1994; Lin and Johnson 

1996; Jones and Weare 1996; Houze et al. 2000; Yanai et al. 2000; Kemball-Cook and 

Weare 2001; Kemball-Cook and Wang 2001; Sperber 2003; Kiladis et al. 2005). A 

number of important properties of the ISO have been identified by using model- 

dependent reanalysis products [e.g., National Center for Environmental 
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Prediction/National Center for Atmospheric Research (NCEP/NCAR) reanalysis, Kalnay 

et al. 1996; European Center for Medium-range Weather Forecast (ECMWF) reanalysis, 

Gibson et al. 1997],  in-situ sounding observations [e.g., Tropical Ocean Global 

Atmosphere Coupled Ocean Atmosphere Response Experiment (TOGA COARE), 

Webster and Lukas 1992; Comprehensive Aerological Reference Data Set (CARDS), 

Eskridge et al. 1995], and satellite observations [e.g.,  Radiances Measured by the 

Microwave Sounding Unit (MSU), Spencer 1993; Television Infrared observational 

Satellite (TIROS) Operational Vertical Sounder (TOVS), Susskind et al. 1997, Meyers 

and Waliser 2003] as well as their combinations.  

Observational studies to date show that ISO modifies underlying sea surface 

temperature (SST) primarily through changing surface heat fluxes (Krishnamuti et al. 

1988; Lau and Sui 1997; Jones et al. 1998; Wang and Xie 1998; Shinoda et al. 1998; 

Waliser et al. 1999; Fu et al. 2003). In contrast, the feedback by ocean to the ISO is still 

not well understood. In the SST warming phase, Stephens et al. (2004) hypothesized that 

the combination of SST warming and enhanced radiative cooling of the upper 

troposphere favors a destabilization of the atmosphere that is qualified by a sharp 

increase of Convective Available Potential Energy (CAPE) of the tropical column. 

Consequently, the ISO is preceded by low-level convergence and development of shallow 

convection in the lower troposphere, a gradual lofting of moisture into the middle 

troposphere, and finally a sharp intensification of upward motion and development of 

deep convection in the upper tropospheric region (Kiladis 2005).  However, these 

hypotheses have not been proved with concrete observational evidences, mainly due to 
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the limitations and uncertainties of radiosonde and satellite observations used in previous 

studies (see Tian et al. 2006 for detailed discussion).    

 The successful launch of satellite Aqua with the Atmospheric Infrared Sounder 

(AIRS) in late 2002 provided an unprecedented opportunity to monitor the vertical 

structure of the ISO (Fu et al. 2006; Tian et al. 2006). With the support of several other 

satellite datasets [e.g., Quick Scatterometer (QuikSCAT); Advanced Microwave 

Scanning Radiometer (AMSR_E)], Fu et al. (2006) documented the 3-D moisture 

structures of the 2003-2004 BSISO  and its interactions with underlying ocean over the 

Indo-western Pacific region. The results revealed much larger tropospheric moisture 

perturbations than those depicted in previous ECMWF analysis and NCEP/NCAR 

analysis. The positive SST anomaly to the north of active convection, being a response to 

the stable atmospheric condition in the suppressed phase, can further feedback to the 

atmosphere through moistening the boundary layer, destabilizing the troposphere, and 

thus contribute to the northward propagation of the ISO. In an independent study 

approximately at the same period, Tian et al. (2006) used AIRS data [in combination with 

the precipitation from the Tropical Rainfall Measuring Mission (TRMM)] to characterize 

the vertical water-vapor and air-temperature structures and spatial-temporal evolution of 

the ISO in boreal winter. It was shown that the enhanced (suppressed) convection is 

generally preceded in both time and space by low-level warm (cold) and moist (dry) 

anomaly and followed by a low-level cold (warm) and dry (moist) anomaly. Comparison 

between AIRS and NCEP reanalysis by Tian et al. (2006) showed significant differences 

in the lower-troposphere moisture and temperature structure over the Indian and Pacific 

Oceans, likely due to the limited radiosonde data to constrain the reanalysis and the 
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model-driven errors such as parameterization deficiencies.  Overall, the AIRS results 

obtained by Tian et al. (2006) and Fu et al. (2006) are consistent with the frictional 

Kelvin-Rossby wave-conditional instability of the second kind (CISK) model (Wang 

1988, 2005; Wang and Rui 1990; Wang and Li 1994; Salby et al. 1994). 

Previous study by Tian et al. (2006) focused on the ISO at winter time. Beside the 

pilot study by Fu et al. (2006), a comprehensive investigation on the structure evolution 

of the BSISO with current available satellite data has not been reported.  The objective of 

current research is to document the spatial and temporal evolution of composite BSISO 

as well as its coupling with underlying ocean through synergistic use of various satellite 

observations in the atmosphere and at the ocean surface (Aqua/AIRS air-temperature and 

water-vapor; TRMM TMI SST and rainfall; QuikSCAT surface wind). Particular 

attention will be given to the phase relationship between vertical moist thermodynamic 

field, CAPE, SST, large-scale convergence/divergence, and surface rainfall. We hope to 

combine these current available high-resolution satellite data to improve our 

understanding of the BSISO, although a complete and coherent picture might not be 

readily available due to the limited data period, satellite retrieval uncertainties, and more 

importantly, the insufficiency in the theoretical understanding this topic. Finally, the 

result will also be compared with that from conventional global reanalysis. 

 The outline of this paper is as follow: the data and methodology are introduced in 

section 2. Section 3 presents the main results. Section 4 summarizes the major findings 

and the implications of these results to the BSISO theory. 

2. Data and methodology 

2.1. Datasets 
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 The AIRS level 3 version-4 data are used in this study. It is based on retrievals 

from AIRS and AMSU instruments and provides 3-D structures of the global water vapor 

and atmosphere temperature with very high spatial and temporal resolution [more 

description of AIRS instrument, products, and validation is given by Tian et al. (2006)]. 

Original AIRS level 3 data have twice daily observations (ascending and descending 

paths) with a horizontal resolution of one degree by one degree. The vertical grid is based 

on the World Meteorological Organization (WMO) standard pressure levels from 1000 to 

1 hPa for temperature and layers from 1000 to 100 hPa for water vapor (Tian et al. 2006). 

In this study, we will use the data from four recent years (2003-2006).  

To capture the joint atmosphere-ocean effect on guiding the ISO convection,   

several other satellite datasets are also used. They include surface wind from Quick 

Scatterometer (QuikSCAT) version-2, sea surface temperature (SST) and rainfall from 

Tropical Rainfall Measurement Mission (TRMM) Microwave Imager (TMI) version-4. 

The data vary in spatial and temporal resolutions. To facilitate the analysis, they are all 

interpolated to daily data with the horizontal resolution of one degree by one degree. 

The ISO index developed by Wheeler and Hendon (2004) will be used to 

determine the phase before making a composite (see also section 2.2). The combinations 

of fields chosen for calculating the ISO indices are daily averaged outgoing longwave 

radiation (OLR) from the National Oceanic and Atmospheric Administration (NOAA) 

polar-orbiting series of satellites, 850 hPa zonal wind (u850) and 200 hPa zonal wind 

(u200) from NCEP reanalysis, each averaged over the latitudes of 15°S-15°N. Data from 

1982 to 2006 are used to define the ISO indices continuously, while only the ISO indices 
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between 2003 and 2006 are extracted for the purpose of phase selection in this composite 

study. 

  To compare the composite BSISO vertical structure based on high-resolution 

satellite data with that from reanalysis products, the daily-averaged air-temperature and 

water-vapor profiles from NCEP reanalysis between 2003 and 2006 are also used.  They 

are analyzed on a  latitude-longitude grid. The vertical grid is based on the WMO 

standard pressure levels from 1000 to 100 hPa for temperature and from 1000 to 300 hPa 

for water vapor.  Note that the water vapor from NCEP is reported on the levels while 

that from AIRS is reported on layers. However, the impacts of this disparity should be 

small and will not affect the main results of this study. 

°2.5

2.2 Methodology 

a. CAPE calculation 

CAPE is an instability descriptor that represents how powerful the convection 

might be if it does materialize. Conceptually, CAPE is expressed as the amount of 

buoyant energy available to speed up a parcel vertically, or the amount of work a parcel 

does on the environment after it is lifted to the level of free convection. It is calculated by 

integrating vertically the local buoyancy of a parcel from the level of free convection 

(LFC) to the equilibrium level (EL). The formal definition is given by 
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  The atmosphere-temperature and water-vapor profiles from the AIRS dataset are 

used to calculate the CAPE. The computed CAPE value can vary significantly depending 

on the choice of the parcel used. In this study, the specific parcel used for CAPE 

calculation originates from the 1000hPa level with temperature and specific humidity 

equal to that of ambient environment.   

b. Composite procedure  

Empirical Orthogonal Function (EOF) analysis is a useful tool for identifying the 

coherent patterns that can explain the major portion of the total variance of observed field. 

A single outstanding eigenmode normally represents a standing oscillation; whereas 

propagation can be described by a pair of outstanding modes whose temporal coefficients 

[principal components (PCs)] are in quadrature (Zhang and Hendon 1997). Wheeler and 

Hendon (2004) developed a seasonally independent ISO index based on a leading EOF 

pair of the combined analysis of near-equatorially-averaged 850-hPa zonal wind, 200-hPa 

zonal wind, and satellite-observed OLR. With the annual cycle and interannual variability 

being removed in advance, this EOF projection can effectively extract the signal at the 

intraseasonal time scale. In the present study, the phase separation in the composite 

process is objectively determined with the Wheeler and Hendon ISO Index. 

        A pivotal step in this composite study is the necessary prior removal of certain 

longer-time-scale variability and synoptic scale variability. The influence of longer-time-

scale components is removed from the NOAA OLR, NCEP reanalysis and high- 

resolution satellite data by the following two steps. First of all, we subtracted from each 

grid point the annual mean and first three harmonics of the annual cycle. Secondly, a 

121-day running mean is subtracted to remove variability with time scales longer than 
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intraseasonal.  Removal of synoptic-scale variability is done by performing an additional 

five-day running mean. Without specific denotation, hereafter all the anomaly fields (e.g., 

wind, temperature, water vapor, CAPE) are referred to the data after the removal of 

longer-time-scale and synoptic-scale variability. 

 A detailed description of the EOF analysis and related technical issues can be 

found in Wheeler and Hendon (2004). Although the data period used in their study is 

from 1979 to 2001, which has several years difference from the period used here, the 

spatial structure and the power spectra of the leading EOF pair are virtually identical in 

both studies (figure not shown), indicating the objectiveness and robustness of this EOF 

method in capturing the coherent structure of ISO.  

Time series of PC1 and PC2 for 2003, 2004, 2005 and 2006 are shown in Fig.1. 

Both PC1 and PC2 are normalized by their 1982-2006 standard deviations. Intraseasonal 

variations can be clearly identified from these four time series, with PC2 lagging PC1 by 

10-15 days (c.f., Fig.5 of Wheeler and Hendon 2004). The conventional definition for 

boreal summer is from May to October. However, there are several strong cases (1, 4, 8) 

with the crest right at the beginning of the May. Given the limited number of BSISO 

events between 2003 and 2006, we extend to April in this study to keep the integrity of 

these three strong cases and increase the sample size. 

Given the quasi-orthogonal nature of the leading PC pair, it is convenient to 

diagnose the state of the BSISO as a point in the 2-D phase space defined by PC1 and 

PC2. As an example, Figure 2 shows the (PC1, PC2) phase space points for all available 

days in the 2004 boreal summer.  Points representing sequential days are joined by a line, 

which traces anticlockwise around the origin most of the time, signifying the eastward 
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propagation of the ISO signal. Following Wheeler and Hendon (2004), points falling 

outside the inner circle [with the amplitude of (PC1, PC2) vectors greater than 1.0] 

represent the strong ISO days; whereas those falling within the inner circle [with the 

amplitude of (PC1, PC2) vectors smaller than 1.0] indicate weak ISO days. Based on this 

criteria, a total of 15 major BSISO events are identified from 2003 to 2006 (Fig.1).   

The spatial patterns of typical BSISO can be depicted through the use of the 

composite, which follows the same procedure taken by Wheeler and Hendon (2004). 

Namely, we composite by taking the average of the observed anomaly fields for the 

“strong ISO” days that fall within each of the numbered phases of Figure 2 (excluding 

those “weak ISO” days falling in the inner circle).  

3. Results 

3. 1.  Surface analysis  

 The composite BSISO cycle reveals coherent spatial-temporal evolution of 

intraseasonal SST, surface wind and rainfall anomalies in the Indo-Pacific warm pool 

(Figs. 3 and 4). In phase one, a large area including the equatorial western Pacific, 

Maritime Continent, Bay of Bengal, and part of the equatorial Indian Ocean is dominated 

by negative rainfall anomalies (suppressed convection).  The dry spell produces positive 

SST anomalies in this suppressed convection area gradually through increasing 

downward solar radiation and decreasing latent heat flux (Sengupta and Ravichandran 

2001; Fu et al. 2003). Meanwhile, positive rainfall anomalies are observed in the Western 

North Pacific (WNP), with the rainbands tilting northwest-southeastward. The weak 

convection of a developing BSISO episode is evident over Africa and the western and 

central Indian Ocean. Overall, the composite anomalies reveal much greater amplitude 
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than those obtained by Tian et al. (2006) and Fu et al. (2006), which can be ascribed to 

the difference in data preprocessing. The anomalies in this study include all the 

variability from 5 days to 120 days; whereas those obtained in Fu et al. (2006) and Tian 

et al. (2006) are either regressed data or the data that filtered to a much narrower 

frequency domain.   

In the subsequent two phases, the Indian Ocean convection gradually builds up 

and expands eastward. Correspondingly, the original suppressed convection area 

contracts and moves northeastward to the WNP. The northwest-southeast tilting 

rainbands in the WNP fade away quickly.  

By phase four, the Indian Ocean convection reaches its maximum and starts to 

bifurcate at the west boundary of the Maritime Continent. In contrast with previous three 

phases, the SST is now nearly in quadrature with rainfall, with positive SST anomalies 

leading the convection and negative SST anomalies lagging behind by approximately a 

quarter of the cycle, implying the time lag between the buildup of the convection and its 

feedback to the underlying ocean SST. The positive SST anomalies at the leading edge of 

the northern hemisphere (NH) convection occupy almost the whole Bay of Bengal; 

whereas their counterparts in the southern hemisphere (SH) are rather  weak (Fig. 3). The 

surface circulation associated with the Indian Ocean convection maximum is 

characterized by typical Gill pattern, with two anomalous cyclonic Rossby gyres lying to 

the west and anomalous easterly winds extending eastward far away from the convection 

center. Consistent with the SST asymmetry, the Rossby gyre in the northern hemisphere 

is considerably stronger and broader than its southern counterpart (Fig. 4).  
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  Once the positive rainfall maximum hits the Maritime Continent, it moves off 

the equatorial region into both hemispheres. The north branch is much stronger than that 

of the south branch (phase 5), partly due to larger SST anomalies in the NH than in the 

SH (Fu et al. 2006). Meanwhile, the convective anomalies in the Maritime Continent and 

equatorial western Pacific intensify and extend eastward, linking with the north branch of 

the Indian Ocean convection and forming a broad northwest-southeast tilting rainband 

that extends from 80°E to 160°E. This tilting rainband moves northeastward gradually.  

In phase six, the north branch of the Indian Ocean convection dominates the Bay of 

Bengal, leaving the entire equatorial Indian Ocean controlled by the suppressed 

convection. By phase seven, the suppressed convection in the Indian Ocean expands 

northward and eastward, cutting off the northwest-southeast tilting rainband. Except for a 

small area at the northeast tip of the Bay of Bengal, the main convection center is shifted 

to the WNP. Enhanced convection in phase seven is wholly within the anomalous 

westerlies over the WNP; whereas anomalous easterlies prevail in the suppressed 

convection area of the equatorial Indian Ocean (Fig. 4). Once again, the positive SST 

anomalies in the Indian Ocean gradually form due to the increased downward solar 

radiation and decreased surface evaporation. By phase eight, the WNP convection starts 

to dissipate, while new convective anomalies emerge off the coast of the Eastern Africa, 

signifying the end of the current event and presaging the onset of the next one.  

3.2 CAPE  

Figure 5 shows the composite spatial-temporal evolutions of CAPE and rainfall 

anomalies. Both the CAPE and rainfall are smoothed spatially to dampen small-scale 

variability. At the growing phases of the Indian Ocean BSISO (phases 1-2),  the broad 
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suppressed convection area including part of the eastern Indian Ocean, Bay of Bengal, 

Maritime Continent and the equatorial western Pacific is dominated by positive CAPE 

anomalies; whereas weak negative CAPE anomalies are nearly collocated with the 

positive rainfall anomalies in the equatorial Indian Ocean. Meanwhile, the surface 

convergence slightly leads the developing Indian Ocean convection in both east and north 

directions, with broad region of weak divergence further ahead (Fig. 6). The broad area 

of large-scale subsidence tends to inhibit the development of convection in spite of the 

presence of large positive CAPE anomalies.  

In the mature phase of Indian Ocean convection (phase 4), sustained precipitation 

consumes up the CAPE through vertical recycling of water vapor, leaving negative 

CAPE anomalies behind. The observed negative CAPE anomalies are nearly collocated 

with underlying negative SST anomalies and drying atmosphere boundary layer, which 

possibly can be ascribed to the precipitating downdrafts under the ISO convection (Fu et 

al. 2006).  The downdrafts-induced divergence underlying the deep convection can be 

identified in a non-smoothed plot (figure not shown). However, they are significantly 

weaker and narrower when compared to the surrounding convergence and thus can hardly 

be identified in the spatially smoothed Figure 6. Consequently, surface convergence is 

nearly collocated with the positive rainfall anomalies, with a slight lead at the east and 

northeast direction. 

In the subsequent three phases (phases 5-7), the enhanced convection gradually 

shifts to the WNP.  The CAPE is almost out of phase with the convection in these three 

phases. The negative CAPE anomalies nearly coincide with positive precipitation 

anomalies; whereas the positive CAPE anomalies reappear in the Indian Ocean 
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suppressed convection region and gradually extend eastward. Meanwhile, significant 

convergence also reappears in the western half of Indian Ocean at phases 7 and 8, 

presaging the beginning of a new ISO episode (e.g., Wang et al. 2005). 

 The composite results suggest that atmosphere and ocean conditions jointly guide 

the convection of BSISO, with SST and surface convergence lead rainfall in both zonal 

and meridional direction (see also underlying polygraphs in Figs. 7 and 8). However, the 

preconditioning of the CAPE is much earlier than that of the SST, suggesting that the 

atmosphere alone might be able to generate intrinsic mode of ISO.  

3.3 Vertical structures of the atmosphere moist thermodynamic field 

a. Pressure-longitude cross section  

 The moisture field shows markedly different vertical structure as a function of the 

convection anomaly strength. Similar to the finding for boreal winter by Tian et al. 

(2006), in the region of strongly enhanced (suppressed) convection, moist (dry) 

anomalies are generally found throughout the atmosphere column except for a very thin 

layer of dry (moist) anomalies near the surface. Fu et al. (2006) conjectured that the 

drying surface layer underlying strongly enhanced convection could possibly be ascribed 

to the associated downdrafts. Although retrieval errors can cause the observational 

uncertainties at the near surface layer, several other independent observational studies 

also found similar near-surface dry layer under enhanced deep convection, suggesting 

that it might be real phenomenon instead of retrieval errors (McBride and Frank 1999; 

Kemball-cook and Weare, 2001; Mapes et al. 2006). In contrast, there exists a bimodal 

structure in the weakly enhanced (suppressed) convection region, with moist (dry) 
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anomalies overlying dry (moist) anomalies to the west of positive (negative) precipitation 

maximum.  

Strong enhanced (suppressed) convection is generally preceded by low-level 

moist (dry) anomalies, and followed by low-level dry (moist) anomalies underneath and 

to the west. Overall, there is a clear trend of westward tilting of the moisture anomalies, 

forming a smooth transition from boundary layer moistening, shallow convection at 

lower or middle level, to the deep convection all through the troposphere. The 

preconditioning of the moist (dry) anomalies at the boundary layer to the subsequent 

positive (negative) rainfall maximum is about 60-90 degrees in longitude and quarter-to-

half cycle in time, providing the opportunity to forecast rainfall up to one month in 

advance.  

Similar to the moisture preconditioning, the strong enhanced (suppressed) 

convection is generally preceded by a lower-tropospheric warm (cold) anomaly and 

followed by a lower-tropospheric cold (warm) anomaly in both time and space. However, 

there are still certain differences between the temperature and humidity structures in 

detail. Over the strongly enhanced (suppressed) convection region, the moist (dry) 

anomalies usually occupy the whole troposphere, with  dry (moist) anomalies lying in a 

very thin layer close to the surface; whereas the transition from warm (cold) anomalies to 

cold (warm) anomalies occurs at a much higher altitude around 500-700 hPa. Previous 

studies by Tian et al. (2006) on the winter-time ISO shows a similar vertical structure, 

although the transition between warm (cold) and cold (warm) anomalies in the 

troposphere occurs at a relative lower level near 800 hPa.  

b. Pressure-latitude cross section 
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Figure 8 shows the composite pressure-latitude cross section of moisture and 

temperature anomalies along with CAPE, SST, surface convergence, and rainfall 

anomalies, averaged between 110°E and 140°E. In phase one, the suppressed convection 

dominates the equatorial western Pacific with one anomalous dry cell sitting on either 

side. Over the suppressed convection region between 9°S and 14°N, a tri-modal pattern 

can be identified from the temperature field, with a cold anomaly located between two 

warm anomalies. The vertical extent of the cold anomaly is confined only to the middle-

upper troposphere (600-250 hPa); whereas the dry anomaly occupies almost the whole 

atmosphere column.  Overall, the CAPE is almost out of phase with the rainfall, with 

positive CAPE anomalies collocated with negative rainfall anomalies.   

In phase two, the south cell of dry anomalies disappears and the north one 

weakens and moves northward. The preconditioning of moist anomalies is evident under 

and to the south of suppressed convection. The positive moist anomalies tilt both 

southward and upward, extending from the surface layer at 15°N to 400 hPa at 3°S. 

Given the shallowness of the convection at this stage, the precipitation anomalies is still 

near zero at the equatorial western Pacific. Cold (dry) anomalies overlie warm (moist) 

anomalies at most of the region, resulting in positive CAPE anomalies between 10°S and 

20°N.  Overall, CAPE leads SST, surface convergence, and rainfall by about 8, 14, 20 

degrees respectively. 

By phase three, positive rainfall anomalies are observed between 6°S and 6°N. 

Meanwhile, positive temperature anomalies appear between 600 hPa and 300 hPa at the 

same region, signifying the materialization of convection at the upper troposphere. As the 

convection strengthens and moves northward (phase 4), the lead-lag relationship among 
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CAPE, SST, surface convergence and rainfall still hold although the actual spatial 

differences (degrees in latitude) among them are decreased. By phase five, collocated 

with enhanced convection (positive rainfall anomaly) between the equator and 14°N, the 

positive temperature anomalies overlie negative temperature anomalies with the sharp 

transition at around 750 hPa. A thin layer of drying anomalies appears underneath the 

deep convection. The drying anomalies build up and tilt upward and southward (phase 6), 

preconditioning the suppressed convection at the equatorial western Pacific (phase 7 and 

8).  By phase eight, the suppressed convection near the equator reaches its mature stage 

and the southward tilting angle decreased. A clear tri-modal temperature anomaly pattern 

appears with cold anomalies located in the upper troposphere. 

Similar to the pressure-longitude cross section, there is a coherent lead-lag 

relationship among CAPE, SST, surface convergence, and rainfall anomalies. The 

preconditioning of the moist (dry) anomalies at the surface layer to the subsequent 

positive (negative) rainfall maximum is as far as 15 degrees in latitude and a quarter-to-

half cycle in time. As the enhanced (suppressed) convection moves northward, the 

southward tilting angle of moist (dry) anomalies is decreased and the preconditioning of 

moist (dry) anomalies becomes less significant. Meanwhile, the amplitude of maximum 

positive precipitation anomalies increases, reaching its climax around 10°N. After 

passing 10°N, the amplitude starts to decrease as the BSISO moves further northward.  

c. Comparison between AIRS and NCEP 

A diagram similar to Figure 7 but based on NCEP is shown in Figure 9. To 

facilitate comparison, the line plots underlying these pressure-longitude cross sections are 

the same as that in Figure 7. Below 300hPa, the vertical moisture structures are roughly 
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similar between AIRS and NCEP. The westward tilt of the moist (dry) anomalies with 

height and their eastward propagation are also captured in NCEP data.  However, 

considerable differences are found over the western Indian Ocean in phases one and two, 

where the positive moist anomalies from NCEP data are weaker and less organized than 

their counterparts from AIRS data.  

A salient feature of AIRS-observed temperature field, low-level preconditioning 

of cold (warm) temperature anomalies underlying strong enhanced (suppressed) 

convection,  is virtually absent over the Indian Ocean in NCEP reanalysis data. In 

contrast to the sharp and well-defined transition between warm (cold) and cold (warm) 

anomalies in the middle-lower troposphere in AIRS, the vertical temperature profiles in 

NCEP are less organized, possibly due to the scarcity of convectional data to constrain 

the reanalysis.  

     A diagram similar to Figure 8 but based on NCEP reanalysis is shown in Figure 

10. In contrast to the results from AIRS, both the moisture and temperature 

preconditioning are virtually absent in NCEP data.  Also in the strong suppressed 

(enhanced) convection region in phase one (phase five), there is a unanimous positive 

temperature anomaly below 400 hPa. This is quite different from that of the AIRS data, 

in which cold (warm) anomaly overlies warm (cold) anomaly in the strong suppressed 

(enhanced) convection region. Given the scarcity of radiosondes and other conventional 

data over the Indo-Pacific warm pool, the NCEP is mostly model-driven and the errors 

such as parameterization deficiency in the reanalysis may contribute to the difference 

between AIRS and NCEP (Tian et al. 2006). 

4. Summary and discussion 
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Data from several satellites (Aqua/AIRS 3-D air temperature/moisture; rainfall 

and SST from TRMM TMI; QuikSCAT surface wind) are synthesized to document the 

BSISO between 2003 and 2006, with the focus on the evolution of 3-D moist and 

temperature fields and underlying air-sea interactions. Eight phases of the BSISO are 

separated based on the seasonally independent ISO index developed by Wheeler and 

Hendon (2004). The composite CAPE, SST, surface convergence/divergence, 3-D water-

vapor and air-temperature structures are analyzed. The horizontal structures of the 

composite BSISO reveal coherent spatial-temporal evolutions of intraseasonal CAPE, 

SST, surface wind, and rainfall anomalies in the Indo-Pacific warm pool region. The first 

half of the composite cycle is characterized by the eastward movement of BSISO 

convection, which reaches its maximum and starts to bifurcate at the west boundary of 

the Maritime Continent; whereas the second half of the composite cycle is characterized 

by a broad northwest-southeast tilting rainband, which links the north branch of the 

Indian Ocean convection and the equatorial western Pacific and moves northeastward and 

then dissipates.  

Atmosphere-ocean conditions jointly guide the convection of the BSISO. The 

composite results reveal that CAPE, SST, and surface wind convergence lead convection 

in both north and east directions. The SST could only partially contribute to the CAPE 

preconditioning given the phase lag between them. We conjecture that other factors such 

as radiative cooling (warming) may also contribute to it. Nevertheless, this needs to be 

proved through further numerical modeling in the future. On the other hand, ocean 

positively feeds back to the atmosphere from bottom up. There is a smooth transition 

from boundary layer moistening, shallow convection at lower or middle troposphere, to 

 20



the deep convection all through the troposphere. In the strongly enhanced (suppressed) 

convection region, moist (dry) anomalies usually occupy the whole troposphere, with dry 

(moist) anomalies lying in a very thin near-surface layer; whereas the transition from 

warm (cold) anomalies to cold (warm) anomalies is more distinct and occurs at a much 

higher altitude around 500-700 hPa. In the weakly enhanced (suppressed) convection 

region, moist (dry) anomalies overlie dry (moist) anomalies to the west/north of positive 

(negative) precipitation maximum. 

 In the zonal direction, the preconditioning of the moist (dry) anomalies at the 

boundary layer to the subsequent positive (negative) rainfall maximum is about 60-90 

degrees in longitude and quarter-to-half cycle in time. The preconditioning of warm (cold) 

anomalies is not well tilted compared to the preconditioning of moist (dry) anomalies. To 

the east of the large maximum precipitation anomaly center, the weak positive 

temperature anomalies could occupy the whole troposphere, which is possibly due to the 

Kelvin wave response to the deep convection to the west.  

 In the meridional direction, the preconditioning of the moist (dry) anomalies at 

the boundary layer to the subsequent positive (negative) rainfall maximum is as far as 15 

degrees in latitude and a quarter-to-half cycle in time. As the convection strengthens and 

moves northward, the lead-lag relationships among CAPE, SST, surface convergence and 

rainfall are still well kept, although the actual spatial differences among them (degrees in 

latitude) are decreased.  The southward tilting angle of moist anomalies is also decreased 

and the preconditioning of moist anomalies becomes less obvious. Note also that the 

amplitude of maximum positive precipitation anomalies varies as the BSISO propagates 
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northward, reaches its climax around 10oN, implying the possible impact of annual cycle 

on the amplitude of intraseasonal variability. 

In the frictional “convective interaction with dynamics” (CID) theory of ISO 

(Wang 1988, 2005, Wang and Rui 1990, Wang and Li 1994), the boundary-layer 

frictional moisture convergence-induced condensational heating plays an essential role in 

guiding the movement and development of low-frequency equatorial Kelvin-Rossby 

packages that characterize the ISO. The AIRS-observed low-level water-vapor and air-

temperature preconditioning structures are consistent with this CID theory. For the 

eastward movement, the surface convergence slightly leads the materialization of deep 

convection, suggesting the pivotal role of frictional moist convergence in integrating the 

condensational heating, low-frequency equatorial Kelvin-Rossby waves, boundary layer 

dynamics, moisture feedback, and wind-induced heat exchanges at the surface (Wang 

2005; Tian et al. 2006).  

However, there are many other factors that may contribute to the complexity of 

tropical intraseasonal phenomenon. The evaporation cooling and associated downdrafts 

underlying enhanced convection may contribute to the temperature and moisture 

preconditioning of the suppressed convection behind, although current satellite 

observation cannot give a definite answer because of retrieval uncertainties. In addition, 

the northward propagation of BSISO can be generated by easterly vertical shear 

(Drbohlav and Wang 2004; Jiang et al. 2004), advection of mean state specific humidity 

by meridional wind (Jiang et al. 2004) and the intraseasonal variation of SST (Kemball-

Cook and Wang, 2001; Fu et al., 2003). All these factors may play a complimentary role 

in the maintenance and growth of BSISO. 
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Captions 
 
Fig. 1. The (Normalized) PC1 (solid line) and PC2 (dashed line) time series for the years 

2003, 2004, 2005, and 2006. Also labeled (as numbers) is the ordinal number of 

individual event. 

Fig. 2. (PC1, PC2) phase space points for all days from April 2004 to October 2004.Eight 

defined regions of the phase space are labeled, as is the region considered to 

signify weak ISO activity. Different months are separated with different color. 

Fig. 3. Composite space-time evolutions of rainfall (color shaded, mm/day) and SST 

(contour interval 0.1 K) anomalies [phases (1) to (8)]. The rainfall and SST are  

from TRMM TMI dataset.  

Fig.4. Composite space-time evolutions of rainfall (color shaded, mm/day) and surface 

wind (m/s) anomalies [phases (1) to (8)]. The rainfall is from TRMM TMI dataset; 

and surface wind from QuikSCAT.   

Fig.5.  Composite space-time evolutions of CAPE (J/kg, contour) and rainfall (positive 

area shaded) anomalies [phases (1)-(8)]. Both rainfall and CAPE are spatially 

smoothed to dampen small-scale variability. The contour intervals for CAPE are  

-200, -100, 0, 100, and 200 J/kg.  

Fig.6. Composite space-time evolutions of surface convergence ( , contour) and 

rainfall (positive areas shaded) anomalies [phases (1)-(8)]. Both rainfall and 

surface convergence are spatially smoothed to dampen small-scale variability. 

The contour intervals for surface convergence are , , 0, 

, . Surface convergence is calculated from the QuikSCAT 

surface wind, which is available over ocean only.  
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Fig. 7. Pressure-longitude cross sections of temperature anomaly (K, contour) and 

specific humidity anomaly (g/kg, shaded) overlying the associated anomalies 

(bottom polygraphs) of rainfall (mm/hr, green line), CAPE ( , red line), 

SST (K, black line), and surface convergence ( , blue line) for the 

composite BSISO based on AIRS data from 2003 to 2006. The contour (shading) 

intervals for temperature (specific humidity) anomalies are -0.8, -0.5, -0.2, 0, 0.2, 

0.5, 0.8 K (g/kg) respectively.  The anomalies are averaged from 8°S-8°N.  

kgJ /103

1510 −− s

Fig. 8. As in Fig. 7 but for the pressure-latitude cross sections. The anomalies are 

averaged from 110°E to 140°E.  

Fig. 9.  As in Fig. 7 but  from NCEP data. 

Fig. 10. As in Fig. 8 but from NCEP data. 
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Figure 1. The (Normalized) PC1 (solid line) and PC2 (dash line) time series for the years 
2003, 2004, 2005, and 2006. Also labeled (as numbers) is the ordinal number of 
individual event. 
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Figure 2. (PC1, PC2) phase space points for all days from April 2004 to October 
2004.Eight defined regions of the phase space are labeled, as is the region considered to 
signify weak ISO activity. Different months are separated with different color. 
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Figure 3. Composite space-time evolutions of rainfall (color shaded, mm/day) and SST 
(contour interval 0.1 K) anomalies [phases (1) to (8)]. The rainfall and SST are from 
TRMM TMI dataset.   
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Figure 4. Composite space-time evolutions of rainfall (color shaded, mm/day) and 
surface wind (m/s) anomalies [phase (1) to (8)]. The rainfall is from TRMM TMI dataset; 
and surface wind from QuikSCAT.   

 35



 
 
 
Figure 5.  Composite space-time evolutions of CAPE (J/kg, contour) and rainfall 
(positive area shaded) anomalies [phase (1)-(8)]. Both rainfall and CAPE are spatially 
smoothed to dampen small-scale variability. The contour intervals for CAPE are -200,  
-100, 0, 100, and 200 J/kg.  
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Figure 6. Composite space-time evolutions of surface convergence ( , contour) and 
rainfall (positive areas shaded) anomalies [phases (1)-(8)]. Both rainfall and surface 
convergence are spatially smoothed to dampen small-scale variability. The contour 
intervals for surface convergence are -0.2 , -0.1 , 0, 0.1 , 0.2 . 
Surface convergence is calculated from the QuikSCAT surface wind, which is available 
over ocean only.  
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Figure 7. Pressure-longitude cross sections of temperature anomaly (K, contour) and 
specific humidity anomaly (g/kg, shaded) overlying the associated anomalies (bottom 
polygraphs) of rainfall (mm/hr, green line), CAPE ( , red line), SST (K, black 
line), and surface convergence ( , blue line) for the composite BSISO based on 
AIRS data from 2003 to 2006. The contour (shading) intervals for temperature (specific 
humidity) anomalies are -0.8, -0.5, -0.2, 0, 0.2, 0.5, 0.8 K (g/kg) respectively.  The 
anomalies are averaged from 8°S-8°N.  
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Figure 8. As in Fig. 7 but for the pressure-latitude cross sections. The anomalies are 
averaged from 110°E to 140°E.  
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Figure 9. As in Fig. 7 but from NCEP data. 
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Figure 10. As in Fig. 8 but from NCEP data. 
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